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G E O P H Y S I C S

Wide-angle seismic reflections reveal a  
lithosphere-asthenosphere boundary zone 
in the subducting Pacific Plate, New Zealand
Pasan Herath1*, Tim A. Stern1, Martha K. Savage1, Dan Bassett2, Stuart Henrys2

New wide-angle seismic reflection data from offshore New Zealand show that the lithosphere-asthenosphere 
boundary (LAB) is more structured than previously thought. Three distinct layers are interpreted within a 10- to 
12-km-thick LAB zone beginning at a depth of ≈70 km: a 3 (±1)–km-thick layer at the bottom of the lithosphere 
with a P-wave (VP) azimuthal anisotropy of 14 to 17% and fast azimuth subparallel to the direction of absolute 
plate motion and a 9 (±2)–km-thick, low VP channel with a P-wave–to–S-wave velocity ratio (VP/VS) of >2.8 in the 
upper 7 km of the channel and 1.8 to 2.6 in the lower 2 km of the channel. The high VP/VS ratios indicate that this 
channel may contain 3 to 20% partial melt that facilitates decoupling of the lithosphere from the asthenosphere 
and reduces resistance for plate motion. Furthermore, the strong azimuthal anisotropy above the low-velocity 
layer suggests localization of strain due to melt accumulation.

INTRODUCTION
A key requirement for plate tectonics is that there is limited resistive 
drag for lithospheric plates to move over the asthenospheric mantle 
(1). Yet, imaging and understanding the mechanical nature of the 
lithosphere-asthenosphere boundary (LAB) has been a long-standing 
challenge to seismology (2). The LAB was viewed as a staggered 
zone separating solid-state convective heat transfer in the astheno-
sphere from solid-state thermal conduction through the lithosphere. 
It was in keeping with a long-standing intuition that the lithosphere 
is in effect a thermal boundary layer of mantle convection. Lithospheric 
thickening with age, and rheology (e.g., viscosity) and creep mech-
anism changing with depth suggest that temperature plays a dominant 
role in controlling the depth of the LAB (2–4), further corroborating 
the thermal notion of the LAB.

Much of the inference about the structure of the LAB is based on 
passive-source seismic methods with either surface or body waves 
(5–7). These data typically have frequencies less than 1 Hz, resulting 
in seismic wavelengths greater than 10 km. The technical difficulty 
in determining fine structures at shorter length scales has likely con-
tributed to the view that the LAB is a diffusive boundary with a length 
scale of 10 km or greater (2, 5). However, actual depths of the LAB 
within a given age interval have been found to deviate significantly 
from those predicted from thermal models (3), implying that tem-
perature solely cannot be used to explain the LAB.

Recent receiver function studies have shown that the LAB is sharper 
than a thermal boundary layer, with thicknesses ranging from 11 to 
15 km with a 3 to 15% drop in shear-wave velocity (6, 8, 9). However, 
detailed structure within the LAB on a scale less than 10 km cannot 
be resolved with 1-Hz passive-source seismic data. More recently, 
controlled-source seismic methods have been applied to image the 
LAB under oceanic plates at subduction and mid-oceanic ridge 
settings, and a different nuance on its structure is emerging (10, 11). 
These data, with dominant frequencies of 4 to 14 Hz, are near vertical 

reflection images from both large explosion and airgun sources. 
They reveal several coherent reflective horizons that can be tracked 
continuously for distances up to 200 km at LAB depths (70 to 
100 km). On the basis of polarity and amplitudes, these reflections 
are interpreted to define a ≈10-km-thick LAB channel with a P-wave 
velocity drop of ≈10%. This velocity drop at the LAB has been 
linked to the presence of partial melt or volatiles (6, 8, 9) that would 
effectively facilitate the decoupling of the lithosphere from the 
asthenosphere. This is necessary for plate tectonics to occur. In 
addition to seismic data, magnetotelluric imaging also reveals the 
presence of a partially molten layer with high electrical conductivity 
at LAB depths in both subduction (12) and mid-oceanic ridge (13) 
settings. Both seismic and magnetotelluric data further reveal that, 
with increasing plate age, the thickness of the melt channel appears 
to reduce and the depth of the channel appears to increase (11, 13), 
although with some local variability (3). These studies also suggest 
that the melt channel may be common but not necessarily a perva-
sive feature.

In this study, we advance the investigation of the fine structure of 
the LAB one step further. We interpret the LAB at the Hikurangi 
subduction zone in New Zealand where the Pacific Plate dives 
beneath the Australian Plate (Fig. 1A). Here, subduction of the 
Hikurangi oceanic plateau occurs despite the extra buoyancy pro-
vided by the thicker (10 to 12 km) (14, 15)-than-normal (6 to 8 km) 
oceanic crust. We analyze wide-angle reflections generated by off-
shore airgun sources and subsequently recorded by seismographs 
onshore (16). This dataset was acquired during the Seismic Array 
HiKurangi Experiment (SAHKE) in 2009–2010 (Fig. 1B) (15). This 
onshore-offshore technique has added advantages over ocean bot-
tom seismographs in investigating the LAB as there is more control 
to place seismographs on firm bedrock with improved sensor cou-
pling to the ground. Moreover, wide-angle reflections provide 
enhanced amplitudes as the incidence angle approaches the critical 
angle (typically >55°) (17). This is a key property because there are 
some impedance contrasts that only generate significant amplitudes 
at these wide angles and are essentially hidden from near vertical re-
flection surveys.
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RESULTS
Onshore-offshore seismic data are viewed as common receiver 
gathers, which primarily represent the arrival times and the ampli-
tudes of seismic reflections and refractions at a receiver as a 
function of source-receiver offset. In the common receiver gathers 
at two permanent seismographs, i.e., BFZ and MRZ, located in 
the southern Hikurangi margin (Fig. 1B), we observe a band of 
reflectivity between source-receiver offsets of about 140 to 260 km 
and two-way travel times of about 30 to 40 s (reduced travel times 
of about 8 to 13 s at a reduction velocity of 8 km/s) (Fig. 2 and 
figs. S1 to S3). Within this reflectivity, we identify four distinct 
wide-angle reflections, i.e., R0, R1, R2, and R3 (see Materials and 
Methods). A first-order approximation for the depth of R0 at 
zero offset places it at a depth of about 47 km beneath the 
Moho (absolute depth of about 74 km) (fig. S4), suggesting that 

the series of reflections originate from LAB depths of the subducted 
Pacific Plate.

Across the three common receiver gathers (Fig. 2 and fig. S1), 
the reflectivity is variable, with the arrivals at onshore station BFZ 
(Fig. 2A) being the clearest. This is probably a result of high coupling 
between the sensor and the ground, and its positioning on firm 
Cretaceous greywackes. An important feature of these wide-angle 
reflections is their respective shapes, or moveouts (18). Two key ob-
servations are R1 appearing to merge with R0 at offsets between 190 
and 200 km at BFZ (Fig. 2A and fig. S2) and the parallelism of R2 
and R3 events with their immediate predecessors R1 and R2, respec-
tively. The observation of similar moveout relationships between 
these four reflections at the MRZ station (Fig. 2F and fig. S3), de-
spite not being as clear as those at BFZ (Fig. 2A), gives confidence 
that the reflections (R0 to R3) in the two records at BFZ and MRZ 

Fig. 1. Tectonic setting around New Zealand and the study area. (A) Tectonic setting around New Zealand. HSM, Hikurangi subduction margin; AF, Alpine Fault; FSM, 
Fiordland subduction margin. Colored vectors indicate the absolute plate motion of the Pacific Plate (red) and the plate motion of the Pacific Plate relative to the Australian 
Plate (yellow). The black dashed line indicates the extent of the Hikurangi oceanic plateau. The green rectangle indicates the extents of (B). (B) Study area. Red triangles 
are temporary seismographs of the PEGASUS23 and PEGASUS25 onshore-offshore transects. Blue triangles are permanent seismographs of the GeoNet network. Black 
lines are offshore multichannel seismic lines. Orange dashed lines are the extended PEGASUS23 and PEGASUS25 onshore-offshore transects (14, 15). Purple shade indi-
cates the airgun source–onshore receiver swaths of the common receiver gathers used in the study. Thick green lines indicate the spatial locations of the deep reflectors 
identified in this study.
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originate from the same structures. Seismic ray trace models indi-
cate that the simplest way of explaining the relationship between R0 
and R1 is for the intervening layer to be a thin, high–P-wave velocity 
layer (Fig. 3 and fig. S5) as the transmitted ray from R0 bends away 
from the normal before reflecting from R1, resulting in a decrease of 
travel-time difference between R0 and R1 with increasing source
receiver offset. Thus, the travel-time curve of R1 appears to merge 
with that of R0 with increasing source-receiver offset. In contrast, 
the mutual parallelism between R1 and R2 and between R2 and R3 
can be explained by low-velocity intervening layers (Fig. 3 and fig. 
S5) because the transmitted ray from the top bends toward the nor-
mal before reflecting up from the base. Thus, the raypath length and 

the travel time within a low velocity layer remain similar with in-
creasing offsets.

Polarity of the first break is also a useful attribute to learn about 
the impedance contrast associated with a seismic reflection bound-
ary (19). From first arriving Pg refractions at BFZ, we calibrate the 
red pulse to be positive (upward motion) (Fig. 2A). We picked the 
first breaks of R0 to R3 reflections manually by analyzing the conti-
nuity of the wave train through the gather in Fig. 2A. Although these 
deep reflections are emergent in places, our interpretation of the 
polarity for R0 to R3 reflections indicates that R0, R1, and R3 have the 
first dominant amplitude peak breaking to the right (red pulse) with 
R2 having reversed polarity (blue pulse) (Fig. 2, B to E). These 
observations together with reflection moveouts (Fig. 2) provide the 
underpinning constraints for building a more specific velocity model 
for the base of the Pacific Plate.

Previous seismic studies of the Hikurangi margin provide evidence 
for unusually high P-wave speeds (8.5 to 9.0 km/s) in the upper mantle 
(14, 20–22). In addition to the Hikurangi Plateau, similar high P-wave 
speeds have been detected under Ontong-Java and Manihiki Plateaus 
and are linked to the AG fabric (23) interpreted to have formed pre-
dominantly by uniaxial flattening in a spreading plume head (20). 
The AG fabric in forsterite-rich olivine aggregates is characterized 
by a girdle of high P- and S-wave speeds (P-wave, ≈8.7 to 8.8 km/s; 
S-wave, ≈5.1 km/s), with a slower speed orthogonal to this (P-wave, 
≈7.8 km/s; S-wave, ≈4.7 km/s) (20). We adopt a P-wave speed of 
8.7 km/s at a depth of 50 km, based on modeling upper mantle re-
fractions (Pn phases) from the Hikurangi Plateau (14). We model the 
P-wave speed to increase to 8.9 km/s just above the R0 reflector at a 
depth of 70 ± 1 km (Fig. 4, A and C, and figs. S6 and S7). With this 
constraint, our ray trace models require the layer between R0 and R1 
to be of high velocity (>9 km/s) to replicate R1 merging with R0 at 
offsets between 190 and 200 km (Fig. 2A). Although mantle veloci-
ties this high are rarely seen at depths of 70 km, anisotropy of olivine 
will permit P-wave speeds up to 9.8 km/s if sufficiently high values 
of finite shear strain have been acquired (24, 25).

Two-dimensional (2D) isotropic ray trace models (see Materials 
and Methods) show that the layer between R0 and R1 is consistent 
with a ≈3-km-thick layer with a P-wave velocity of 9.2 to 9.3 km/s 
(Fig. 4 and fig. S6). These parameters are further confirmed by 3D 

Fig. 2. Late-arriving, wide-angle reflections in common receiver gathers. 
(A) Common receiver gather at the BFZ station with the airgun sources of the SAHKE01 
line. Colored rectangles show the regions of (A) used in (B) to (E). The inset in (A) 
shows the polarity of the first arriving crustal refraction (Pg) at the BFZ station. (B to 
E) Stacks of R0 to R3 reflections flattened horizontally using the travel time of each 
reflection at each trace (left) and the stacked trace from the flattened traces (right). 
Note that for (B) and (C), the same region in (A) is used, but the stacks have been 
flattened with the travel-time picks of R0 and R1, respectively. The interpreted first 
breaks of the arrivals are also shown as yellow arrows. (F) Common receiver gather 
at MRZ station with airgun sources of the SAHKE01 line. (G) Common receiver 
gather at the MRZ station with airgun sources of the PEGASUS23 line. Black crosses 
indicate the pick arrivals of R0 to R3 reflections.

Fig. 3. One-dimensional velocity model fitting the travel times of R0 to R3 re-
flections. (A) One-dimensional velocity model with average P-wave velocities 
above the R0 reflector that fits the travel times of R0 to R3 reflections observed in 
Fig. 2A. (B) Observed travel times (centered at the gray error bars) and calculated 
travel times (black curves) for R0 to R3 reflections. Colored circles indicate the angle 
of incidence of the raypaths with offset at R0 to R3 reflections.
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anisotropic ray trace and synthetic seismogram models (see Materials 
and Methods) that better fit the moveouts of the R0 and R1 reflec-
tions, which suggest that the layer between R0 and R1 is required to 
be 3 ± 1 km thick and it has a faster P-wave velocity of 9.3 to 9.6 km/s 
parallel to the layer interface and along an azimuth between 322° and 
342° (Fig. 5 and figs. S8 to S19). The P-wave velocity in the vertical 
direction, approximately perpendicular to the layer interface, is 
modeled to be 8.3 to 8.5 km/s. These velocity constraints indicate a 
P-wave anisotropy of 14 to 17% and can replicate the positive polarity 
of the first break of R0 reflection (fig. S20A).

The mutually parallel moveouts of R1 and R2 suggest that the layer 
between them is a low–P-wave velocity layer, yet the positive first 
break of R1 suggests otherwise (Fig. 2, A and C). However, within 
the range of incident angles for R1, the positive first break is consistent 
with a low–P-wave velocity layer if the VP/VS ratio is >2.8 (figs. 
S20B, S21, and S22). We adopt a P-wave velocity of 7.6 km/s for this 
layer, similar to the percentage velocity reduction (5 to 12%) associ-
ated with other low-velocity layers detected in the oceanic lithosphere 
(6, 11). The resultant thickness of the layer is 7 ± 2 km from ray 
tracing (Fig. 4A and figs. S6, S23, and S24A).

Similarly, the mutually parallel moveouts of R2 and R3 suggest that 
the layer between them has a low P-wave velocity. Furthermore, we 
interpret the R2 reflection to have a negative polarity (Fig. 2D). As-
suming a maximum 12% velocity reduction, the P-wave velocity of 

this layer could range between 7.1 and 8.1 km/s. These polarity and 
P-wave velocity constraints are consistent with a 2 (±1)–km-thick 
layer (fig. S24B). VP/VS ratio estimates for this layer can range from 
1.8 to 2.6 based on amplitude versus offset (AVO) modeling (see 
Materials and Methods) that would result in a weak negative polarity 
for the reflection coefficients (fig. S25). The R3 reflector has an inter-
preted positive polarity (Fig. 2E) and the layer beneath is assumed 
to be regular asthenosphere with a P-wave velocity of 8.1 km/s and 
a VP/VS ratio of 1.8 (26).

The synthetic common receiver gather computed for BFZ station 
that accounts for the 3D source-receiver raypath geometry (see 
Materials and Methods) resembles the observed common receiver 
gather and is consistent with the travel times, moveouts, and first 
break polarities of R0 to R3 reflections (Fig. 5, C to G). Our synthetic 
data do not, however, account for the apparent drop-off of reflectivity 
for offsets >230 km observed in the data (Fig. 2A). This may be a result 
of lateral variation in attenuation, noise, or material properties.

We interpret R0, R1, R2, and R3 as reflections produced by a series 
of high– and low–wave speed layers at depths of 70 to 82 km in the 
upper mantle of the subducting Pacific Plate in New Zealand (Figs. 1B 
and 6). Because of the great depth of the reflections, and the smaller 
thicknesses of the layers, these moveout changes are necessarily subtle 
and can be emergent in long-offset data. Although our interpreta-
tion cannot be regarded as unique in all its details, the first-order 

Fig. 4. Two-dimensional isotropic P-wave velocity and ray trace model of the wide-angle reflections at the BFZ station with SAHKE01 airgun sources. (A) P-wave 
velocity model and traced raypaths in two dimensions for the observed wide-angle reflections and refractions recorded at the BFZ station with the airgun sources of the 
SAHKE01 line (Fig. 2A). (B) Travel-time picks of the phases observed in Fig. 2A color-coded as in (A). Height of an observed travel-time pick is twice the pick uncertainty. 
Calculated travel times are in black. Note that the travel-time axis is reduced with a velocity of 8.0 km/s. (C) Enlarged section of P-wave velocities of the region shown by 
the black, dashed rectangle in (A).
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structural configuration in which a thin, high-velocity layer overlies 
a thicker low-velocity layer is a model that best fits our observations.

DISCUSSION
We interpret the presence of a LAB zone (LABZ) at the base (≈70-km 
deep) of the Pacific Plate at the Hikurangi subduction margin in 
New Zealand. It consists of a 3 (±1)–km-thick azimuthally anisotro-
pic layer overlying a low–P-wave speed layer of thickness 9 ± 2 km 
(Fig. 6). This layering is a natural up-dip continuation of the pro-
posed LAB channel from an earlier on-land study based on near-
vertical reflections (10). In this study, we resolve more details of the 
newly defined LABZ by analyzing wide-angle reflections that show 
a broader range of moveouts and amplitude variations than can be 
recorded by near vertical reflections.

Synthetic seismogram modeling suggests that the fast direction 
of the topmost layer of the LAB zone with VP = 9.3 to 9.6 km/s lies 
along an azimuth between 322° and 342°, which is subparallel to the 
direction of absolute plate motion of the Pacific Plate at the Hikurangi 
margin (Fig. 1A) (27). A P-wave velocity of 8.3 to 8.5 km/s in the 
vertical (perpendicular) direction (Fig. 6 and figs. S8 to S19) is im-
plied within this top layer. This layer effectively marks a change from 
radial (20) to azimuthal anisotropy (Fig. 6B). The high P-wave speeds 
would in part be due to the adoption of high wave speeds of 8.9 km/s 
at depths of 70 km, and our assumption that they, and the AG fabric 
they represent, extend to the base of the Pacific Plate. There could, 
however, be a low-velocity layer (VP, ≈8.3 km/s) in between the AG 
fabric and the base of the plate, but the P-wave speed in the azi-
muthally anisotropic layer would still be required to be ≈9.3 km/s 
to fit the observed moveout of R1 (figs. S26 and S27). Furthermore, 
in the common receiver gathers, there is no evidence between Pn2 
and R0 arrivals for wide-angle reflections that might reflect the pres-
ence of such a low-velocity layer (VP, ≈8.3 to 8.7 km/s) (Fig. 2).

The lowermost layer of the LABZ is interpreted to be a 9 (±2)–
km-thick, low–P-wave velocity layer (Fig. 6). The high VP/VS ratios 
(>2.8) required in the upper part (7 ± 2 km) of this layer indicate a 
high fluid content (28), possibly reflecting the accumulation of melts 
(29). The relatively lower VP/VS ratios (1.8 to 2.6) in the lower part 
(2 ± 1 km) indicate a lower fluid content compared to the upper 
portion. Although our AVO modeling indicates that VP/VS ratios of 

Fig. 5. Common receiver gathers from synthetic seismogram modeling. (A) Two-
dimensional subsurface model used to calculate synthetic common receiver gather 
at the BFZ station with SAHKE01 airgun sources. (B) Table of velocity and density 
parameters of the subsurface model in (A). Elastic coefficients of the AG fabric are 
from (20). Density normalized elastic coefficients (in km2/s2) of the azimuthally 
anisotropic layer indicated by # in Voigt index notation (diagonally symmetric): 
C11 = 87.00, C12 = 22.62, C13 = 24.38, C14 = −0.42, C15 = −4.36, C16 = 1.39, C22 = 72.41, 
C23 = 23.96, C24 = −0.27, C25 = 0.10, C26 = 0.93, C33 = 69.96, C34 = −0.27, C35 = −3.89, 
C36 = 0.28, C44 = 22.68, C45 = 0.79, C46 = −1.47, C55 = 26.87, C56 = −0.72, and C66 = 24.50. 
(C) Synthetic common receiver gather from ANRAY. Note that the merging of R0 and 
R1 reflections at offsets of 190 to 200 km can be replicated only when the elastic 
tensor defining the velocities in the azimuthally anisotropic layer is rotated by 10° to 
30° clockwise around the vertical axis (true azimuth of 322° to 342°) (figs. S8 to S19). 
The green rectangle indicates the region of the gather used in (D) to (G) to flatten R0 
to R3 reflections horizontally using the travel time at each trace (left). The traces on 
the right in (D) to (G) are the stacked traces from the flattened traces (left). The first 
breaks of the arrivals are labeled. These stacks should be compared to those from 
the data shown in Fig. 2 (B to E).

Fig. 6. Conceptual model of the lithosphere-asthenosphere boundary zone. 
(A) Schematic diagram of the LAB zone at the Hikurangi margin. The dashed rectangle 
indicates the extents of (B). (B) Interpretation of the observed anisotropic and 
low-velocity layers in the LAB zone. Colored labels indicate seismic P-wave veloci-
ties and VP/VS ratios.
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≈1.8 can explain the negative polarity of R2 reflection with reflec-
tion coefficients of ≈0.2 for VP ≈7.3 km/s (fig. S25), it may not be 
consistent with the lower reflection amplitudes of the R2 reflector 
(<0.1). This 9 (±2)–km-thick, low VP layer with high VP/VS ratios is 
interpreted to be the LAB channel of the Pacific Plate as it is consistent 
in its physical characteristics with the down-dip extension of the same 
low VP, melt-rich, low-viscosity channel with high strain rates found 
under the North Island of New Zealand (Fig. 6) (10). The depth of 
this low-velocity layer also agrees well with the 70- to 80-km depth 
of the LAB channel for a 120-million-year-old oceanic plate (2, 6).

Low-velocity zones detected in the oceanic lithosphere have also 
been attributed to lenses of frozen melts (30), referred to as oceanic 
midlithospheric discontinuities (MLDs). They are proposed to con-
tain wehrlite formed by the crystallization of MORB (mid-ocean ridge 
basalt)-type melts (30), which typically would have VP/VS ratios <1.8 
(31). We do not ascribe the reflectivity that we observe to be from 
an MLD, as the high VP/VS ratios suggest the presence of melts.

The high VP/VS ratio of the top 7 ± 2 km portion of the low–
P-wave velocity channel indicates a shear-wave velocity drop of about 
40%. It represents ≈15% partial melt if melt is distributed in tubules 
(32), ≈20% partial melt assuming equilibrium melt geometries, or 
5% partial melt if melt exists in thin films (33). Similarly, for the 
lower ≈2 ± 1 km, assuming a mean VP/VS ratio of 2.2, the estimated 
partial melt contents for the above melt geometries are ≈9% (tubules), 
≈13% (equilibrium), and ≈3% (films).

The partial melt content of the LAB channel further down-dip of 
the Hikurangi subduction zone is estimated to be about 2% on the 
basis of the P-wave velocity reduction of 8 to 10% (10). Moreover, 
partial melt content in the LAB channel in the younger oceanic litho-
sphere near the Mid-Atlantic Ridge is estimated to be 1 to 5.5% from 
magnetotelluric data and receiver function modeling (9, 13). First, 
we suggest that our higher partial melt estimates may reflect the VP/VS 
ratio providing more realistic estimates on melt content, as S-waves 
are more sensitive to the presence of fluids. Last, we suggest that our 
higher partial melt estimates, compared to other tectonic settings, 
reflect a higher degree of melt accumulation at the flexed base of the 
lithosphere that forms as it bends due to subduction (34, 35), usually 
evidenced as bright, low-velocity LAB patches in seismic images (36, 37). 
These accumulated melts may also be the source of petit-spot volca-
nism observed in proximity to other subduction zones (34).

Partial melt fractions >5% can reduce the mantle viscosity by an 
order of magnitude (38) and, therefore, can decouple the lithosphere 
from the underlying mantle flow and facilitate plate tectonics to be 
possible. The presence of such melt fractions is consistent with model-
ing of seismic anisotropy and plate velocities (39). However, local-
ized reductions in viscosity by thin isolated patches of high melt 
fraction would not affect global plate motions (39). With our study, 
we have detected the LAB at a subduction zone where it undergoes 
a downward bend, and hence, this may be a local feature and not 
indicative of ubiquitous melt beneath the oceanic lithosphere. More-
over, melt channels at the LAB may well be dynamic features that 
evolve over geologic time scales (9).

If seismic anisotropy is developed because of the resistive drag of 
the sublithospheric mantle, the strain will be localized in a horizontal 
shear zone several tens of kilometers thick between the rigid litho-
sphere and the asthenosphere (25). More importantly, melt accu-
mulation and channelization at the LAB can cause strong strain 
localization (40). For example, a melt fraction of 4% can enhance 
the strain rate by a factor of ≈3 relative to that of melt-free upper 

mantle rocks (38), whereas a melt fraction of 7% that falls within 
our partial melt content estimates for the LAB channel can enhance 
the strain rate by a factor of ≈25 (38). Regions deforming at faster 
strain rates allow for increased alignment of the predicted fast azimuth 
of mantle olivine with the plate motion direction (41). We therefore 
suggest that the localization of strong azimuthal anisotropy in a 
3-km-thick layer identified above the LAB channel in this study is 
the result of the lattice-preferred orientation of olivine crystals in 
response to the increased strain rates by melt accumulation at the 
base of the lithosphere.

Early long-offset seismic reflection and refraction studies (42–46) 
also pointed to the existence of high VP, anisotropic layers at depths 
of 60 to 100 km in the upper mantle of both continents and oceans. 
Anisotropy detected in these studies is confined to layers that are 
less than 5 km thick and are separated by 10- to 20-km-thick low-
velocity layers interpreted to reflect shear zones (45). One of these 
studies proposes a ≈5-km-thick anisotropic layer with a P-wave ve-
locity of 8.5 km/s at depths near the LAB (46), and they propose that 
differential horizontal motion between the lithosphere and the as-
thenosphere has resulted in the lattice preferred orientation of mantle 
olivine. Our new results corroborate this view as this boundary zone 
between the lithosphere and the asthenosphere is clearly one of the 
most pervasive shear zones within the Earth, capable of accumulating 
large finite shear strains.

Our study highlights the potential and importance of wide-angle 
seismic reflections to explore the fine-scale structure and anisotropy 
of the upper mantle. Multichannel seismic (MCS) reflection surveys 
are capable of detecting a low-velocity layer at the base of the litho-
sphere (11), but they will struggle to detect azimuthally anisotropic, 
high–wave speed layers as the near-vertical raypaths induce only small 
amplitude reflections. Onshore-offshore seismic surveys and ocean 
bottom seismic surveys with long source-receiver offsets and tuned-
airgun sources are favorable methods to explore fine-scale layering 
and anisotropy at LAB depths. Although the acquisition of new 
wide-angle data for investigating the LAB is challenging, we suggest 
that careful inspection and analysis of similar data already available 
may reveal intriguing facts about the LAB.

In summary, the LAB cannot be simply explained by a single 
low-velocity, melt-rich channel, as suggested from previous studies 
(6, 10, 11). Rather, it is a complex system of layers, including a low-
velocity zone, which we term the LABZ.

MATERIALS AND METHODS
Structure of the Pacific Plate at the Hikurangi margin
The Pacific Plate, which contains the oceanic Hikurangi Plateau 
(47, 48), subducts beneath the Australian Plate at the east coast of 
the North Island of New Zealand (Fig. 1A). It moves with an abso-
lute plate motion vector of 45 to 60 mm/year at an azimuth of 
≈325° (27) and a relative plate motion vector (with respect to the 
Australian Plate) of ≈45 mm/year at an azimuth of ≈260° (Fig. 1A) 
(49). The depth to the base of the Pacific Plate under the southern 
North Island is estimated to be about 73 km from onshore explo-
sions (10). The upper 10 to 12 km of the plate comprises the crust of the 
Hikurangi Plateau as suggested from controlled-source seismic data 
(14, 15, 50, 51). The bottom 60 km is taken up by the lithospheric 
mantle, which transitions into the asthenosphere through a ≈10-km-
thick, low-velocity, sheared melt-rich layer interpreted as the LAB 
channel (10).
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Controlled-source seismic data
The controlled-source seismic data used in the study are from the 
SAHKE conducted in the southern Hikurangi margin in 2009–2010 
(15). During this experiment, SAHKE and PEGASUS MCS lines 
were acquired by R/V Reflect Resolution (Fig. 1B). The airgun source 
of the seismic vessel had a capacity of 98.3 liters (6000 in3) for the 
SAHKE lines and a source spacing of 100 m. These parameters were 
reduced to 88.5 liters (5400 in3) and 37.5 m for the PEGASUS lines. 
The source was towed at a depth of 6 ± 1 m for both configurations. 
Simultaneously, the airgun sources were recorded by a network of 
temporary seismographs and the permanent seismographs of the 
GeoNet network. For this study, we used airgun sources from SAHKE01 
and PEGASUS23 lines recorded by onshore seismographs (Fig. 1).

The technique of using offshore airgun sources recorded at on-
shore receiver seismographs is known as the “onshore-offshore” 
method (16). Onshore-offshore seismic data are visualized using 
common receiver gathers. Common receiver gathers are produced 
by extracting seismograms from the continuously recorded data at 
the seismographs using GPS-located ship airgun source times and 
plotting them with source-receiver offset.

We further processed the common receiver gathers using GLOBE 
Claritas to enhance the signal-to-noise ratio. Processing included the 
following: a zero-phase band-pass filter with 2-4-8-15-Hz corner fre-
quencies; an FK (frequency-wavenumber) filter to suppress noise; 
runmixing (horizontal trace averaging) and semblance coherency 
filtering to improve trace-to-trace coherency; and an automatic gain 
control of 10 s.

Wide-angle reflections in the onshore-offshore common 
receiver gathers
The common receiver gathers at BFZ and MRZ broadband seismo-
graphs of the GeoNet network (Fig. 1B), produced using the airgun 
sources of the SAHKE01 line and, at MRZ, produced using the air-
gun sources of the PEGASUS23 line, display several distinct seismic 
phases at two-way travel times >30  s and source-receiver offsets 
>140 km (Fig. 2 and figs. S1 to S3).

In the common receiver gathers at BFZ and MRZ stations with 
the airgun sources of the SAHKE01 line, we identify a band of re-
flectivity spanning ≈3.5 s at offsets ranging from ≈140 to 260 km. 
These occur at reduced travel times of 8 to 13 s (reduction velocity 
of 8 km/s) or true travel times of about 30 to 40 s. Within the coda 
of this reflectivity, several wide-angle reflections (R0, R1, R2, and R3) 
can be observed, more clearly in the gather at BFZ (Fig. 2A and fig. 
S2) and less clearly in the gather at MRZ (Fig. 2F and fig. S3). How-
ever, in the common receiver gather at the MRZ station with the 
airgun sources of PEGASUS23 line, weak reflection signals (R1 and 
R2) can be observed (Fig. 2G). R1 and R2 in this gather have lower 
amplitudes, possibly due to the less powerful airgun source used in 
the PEGASUS23 line.

Alternative explanations to the wide-angle reflections
We tested alternative models that may explain the characteristics of 
these late arriving phases (e.g., larger travel times and moveouts). 
These phases arrive after the Pn2 phase, which is a refracted phase 
from a faster upper mantle layer with a P-wave speed of 8.7 ± 
0.2 km/s at a depth of ≈50 km in the upper mantle of the Pacific Plate 
(14). The parabolic shape of these late arriving phases suggests that 
they are wide-angle reflections rather than refractions. Furthermore, 
the source-receiver offsets at which they are observed confirm that 

they are reflections because the shortest source-receiver offsets of 
these phases (140 to 160 km) are less than the critical distance of 
≈200 km for a refracted arrival from a ≈60-km-deep layer.

We tested the possibility of R0, R1, and R2 being peg-leg multi-
ples of the Pn2 upper mantle refraction, within prominent reflectors 
in the sedimentary column. For this, the prominent reflectors in the 
MCS reflection data of the SAHKE01 line were mapped and depth 
converted. Travel-time picks of R0, R1, and R2 were ray-traced using 
RAYINVR (52) with the raypaths defined as peg-leg multiples in 
between reflectors A and B (figs. S28 and S29). The calculated travel 
times could not fit the observed travel times at the maximum offsets 
unless the rays bounced back and forth between the A and B reflec-
tors up to three and seven times. This is an unlikely scenario as the 
amplitudes decay substantially in between such reflections, and we 
would have expected to see earlier modes of such multiples at the 
same offsets. Furthermore, the calculated travel times could not 
account for the observed moveouts of the phases.

Next, we tested whether these phases could be explained by a 
P-wave–to–S-wave conversion where the P-wave from the airgun 
source arrives at the seismograph as an S-wave after converting at 
an interface along its way. For this, the north and east components 
of the seismograms for each airgun source were rotated to radial 
and transverse components, and the particle motion between different 
components was plotted. The particle motion diagrams indicate promi-
nent polarization in the vertical component (figs. S30 and S31) and 
therefore the arrivals are most likely P-waves, and not S-waves ar-
riving at the onshore seismograph. These particle motion diagrams 
also suggest that these arrivals are not a result of a sideswipe (e.g., 
from a fault zone and vertical crack) as it would also require the 
particle motion to have strong horizontal components.

These arrivals are recorded at two permanent seismographs of 
the GeoNet network, but not on the short-period temporary stations 
of SAHKE that were recording during this time. This may be a re-
sult of the permanent broadband stations being better coupled to 
the ground than the temporary stations. Furthermore, the perma-
nent seismographs, MRZ and BFZ, are stationed on firm greywacke 
basement rocks compared to the temporary stations, which were 
located on a variety of surface rocks. We also cannot rule out the 
limited station observations of late-arriving wide-angle reflections 
to be the result from strong lateral heterogeneity at the LAB.

2D and 3D seismic ray tracing
We used seismic ray tracing to estimate the depths and interval ve-
locities of the layers defined by R0, R1, R2, and R3 wide-angle reflec-
tions. Our ray trace models are based on the 2D isotropic P-wave 
velocity models for the PEGASUS23 and PEGASUS25 transects of 
(14) that constrain the P-wave velocity structure down to a depth of 
≈50 km. In projecting the airgun sources from the SAHKE01 line 
onto the PEGASUS23 and PEGASUS25 velocity models (Fig. 1B), 
the effect from the difference in water depths at the original source 
locations and the projected source locations on the travel times of 
the phases is considered negligible as the maximum travel-time 
delay induced is within the pick uncertainties of 0.2 s (figs. S32 and 
S33 and table S1). Using RAYINVR, the travel times of the wide-
angle reflected phases were forward-modeled in a top-down approach 
to minimize the travel-time residuals (Fig. 4, figs. S6 and S23, and 
table S1).

The assumption of 2D raypaths and isotropic velocities in the 
upper mantle can affect the estimates on the layer thicknesses and 
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interval velocities determined from 2D ray tracing. Therefore, we 
used the ANRAY package (53) for ray tracing in 3D, which can 
include both isotropic and anisotropic media in the velocity model. 
Similar to 2D ray tracing, we forward-modeled the travel times of 
the wide-angle reflections (table S2) using a 3D Earth model created 
by extending the velocity model derived from 2D ray tracing (Fig. 5A) 
perpendicular to the vertical plane for ANRAY.

The ability to incorporate anisotropic media defined by elastic 
tensor coefficients in ANRAY is an advantage as the lithospheric 
mantle consists of anisotropic minerals, predominantly olivine. The 
elastic tensor for pure forsterite olivine (Mg2SiO4) at 2.5 GPa, corre-
sponding to a depth of 70 to 80 km in the lithospheric mantle, was 
obtained by the linear interpolation of the elastic tensor coefficients 
(54). Using this, the elastic tensor for aggregates of forsterite crystals 
with their crystallographic axes oriented in different directions was 
obtained from MTEX MATLAB Toolbox (55) and was incorporated 
into ANRAY.

2D and 3D synthetic seismogram modeling
We used the ANRAY package (53), which uses a ray tracing–based 
method to calculate synthetic waveforms for the required wide-
angle reflections in 3D. For this, we used the 3D Earth model created 
for 3D ray tracing. For isotropic layers, shear-wave velocities using 
appropriate VP/VS ratios between 1.8 and 3.0 and densities were used 
(Fig. 5, A and B). Instead of recording a number of marine sources 
by a seismograph onshore, the computations were made efficient by 
replacing the onshore receiver by a point source and marine airgun 
sources by a linear array of receivers in water as reciprocity is valid 
for synthetic seismogram modeling (56). Thus, synthetic common 
receiver gathers were produced by plotting the seismograms with 
source-receiver offset. The resulting synthetic seismograms were 
convolved with the source-time function of the airgun array of 
R/V Reflect Resolution.

AVO modeling
The Zoeppritz equations for partitioning of seismic displacements 
at an interface provide information linking polarity and amplitude 
of a reflection with offset (or incident angle) to the impedance con-
trast across the interface (57). We used them to search for the im-
pedances (VP, VS, and density) of the layers in a top-down approach 
assuming isotropic media (figs. S22 and S25). We also computed 
the reflection coefficients with offset for transversely isotropic 
(radially anisotropic) media using the equations of (58) in which 
the anisotropic parameters are defined by Thomsen’s parameters (59), 
 and  (fig. S20).

Uncertainty/trade-off estimation
We used a perturbation test to estimate the uncertainty in the deter-
mination of the depth to the R0 reflector (fig. S7) where the preferred 
depth of the reflector (70 km) was perturbed at regular intervals (1 km) 
and the resultant root mean square (RMS) travel-time misfit (TRMS) 
was obtained from RAYINVR ray tracing. The 95% confidence in-
terval was estimated, within which there is a 95% probability for the 
modeled depth to fit the observations (14). The uncertainty in the 
estimated depth of the R0 reflector is ±1 km (fig. S7).

Estimation of the model parameter uncertainties and trade-offs 
based on travel-time misfits when anisotropy is considered does not 
provide clear results owing to the increased number of model 
parameters/variables. Therefore, to estimate the uncertainties in 

the thickness and velocities (thereby anisotropy) of the azimuthally 
anisotropic layer between R0 and R1, we calculated synthetic com-
mon receiver gathers using ANRAY for the following: layer thick-
nesses ranging from 1 to 4 km; a set of elastic tensors calculated using 
MTEX (55) for aggregates of forsterite crystals oriented in different 
directions; and different azimuthal orientations of the elastic tensors 
(312° to 362°). The converging nature of R0 and R1 at offsets between 
190 and 200 km and the separation between them at offsets <190 km 
were used as a proxy to estimate the uncertainties in the thickness 
and velocities (figs. S8 to S19). The models that could replicate these 
features in the observed data are considered to represent the trade-
offs between the velocities and thickness of this azimuthally aniso-
tropic layer (figs. S8 to S19). The estimated trade-offs are 2 to 4 km 
in thickness and 9.3 to 9.6 km/s in the velocity of the fast direction 
oriented along azimuths between 322° and 342°.

We used grid search tests to estimate the trade-offs between the 
thicknesses and the P-wave velocities of the layers in between R1 and 
R2 and in between R2 and R3 reflections (fig. S24). Grid searches were 
carried out within probable model parameter values to minimize 
TRMS using ANRAY to account for anisotropy. TRMS appears to con-
verge to a minimum value only with respect to the thickness of the 
layers (fig. S24). Therefore, we use 5 to 12% P-wave velocity reduc-
tion relative to a background asthenospheric P-wave velocity of 
8.1 km/s as an estimate on the trade-off of the P-wave velocity within 
these two layers (fig. S24). With these constraints, conservatively, 
the uncertainties in the thickness and P-wave velocity of the layer 
between R1 and R2 reflections are estimated to be ±2 km and ±0.5 km/s, 
respectively (fig. S24A). Similarly, those of the layer between R2 and 
R3 reflections are ±1 km and ± 0.5 km/s, respectively (fig. S24B).

A limiting minimum VP/VS ratio of 2.8 for the low-velocity chan-
nel between R1 and R2 was obtained by searching for VP/VS ratios 
that could explain the positive polarity of the first break of R1 within 
the incident angles obtained from ray tracing (fig. S21).

We also conducted grid searches for density, P-wave velocity, 
and VP/VS ratio combinations that could explain the positive and 
negative polarities of R1 and R2 reflections, respectively, within the 
range of incident angles to estimate the trade-offs in parameter esti-
mations (figs. S22 and S25).

SUPPLEMENTARY MATERIALS
Supplementary material for this article is available at https://science.org/doi/10.1126/
sciadv.abn5697
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